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The Mediterranean basin is sensitive to global sea-level changes and African monsoon variability on
orbital timescales. Both of these processes are thought to be important to the deposition of organic-rich
sediment layers or ‘sapropels’ throughout the eastern Mediterranean, yet their relative inﬂuences remain
ambiguous. A related issue is that an assumed 3-kyr lag between boreal insolation maxima and sapropel
mid-points remains to be tested. Here we present new geochemical and ice-volume-corrected planktonic
foraminiferal stable isotope records for sapropels S1 (Holocene), S3, S4, and S5 (Marine Isotope Stage 5)
in core LC21 from the southern Aegean Sea. The records have a radiometrically constrained chronology
that has already been synchronised with the Red Sea relative sea-level record, and this allows detailed
examination of the timing of sapropel deposition relative to insolation, sea-level, and African monsoon
changes. We ﬁnd that sapropel onset was near-synchronous with monsoon run-off into the eastern
Mediterranean, but that insolationesapropel/monsoon phasings were not systematic through the last
glacial cycle. These latter phasings instead appear to relate to sea-level changes. We propose that
persistent meltwater discharges into the North Atlantic (e.g., at glacial terminations) modiﬁed the timing
of sapropel deposition by delaying the timing of peak African monsoon run-off. These observations may
reconcile apparent modeledata offsets with respect to the orbital pacing of the African monsoon. Our
observations also imply that the previous assumption of a systematic 3-kyr lag between insolation
maxima and sapropel midpoints may lead to overestimated insolationesapropel phasings. Finally, we
surmise that both sea-level rise and monsoon run-off contributed to surface-water buoyancy changes at
times of sapropel deposition, and their relative inﬂuences differed per sapropel case, depending on their
magnitudes. Sea-level rise was clearly important for sapropel S1, whereas monsoon forcing was more
important for sapropels S3, S4, and S5.
© 2016 Elsevier Ltd. All rights reserved.
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1. Introduction
The Mediterranean basin is an ideal natural laboratory for understanding the dynamic interplay between key climatic and hydrological processes on a range of timescales. Over millennial and
longer intervals, changes in global ice volume and African monsoon
dynamics are both registered in eastern Mediterranean marine
sediments (Rohling et al., 2014, 2015). Detailed understanding of
how these processes interact and translate into sedimentary signals
is far from complete, and ﬁrst requires deeper insights into a

* Corresponding author.
E-mail address: katharine.grant@anu.edu.au (K.M. Grant).
http://dx.doi.org/10.1016/j.quascirev.2016.03.026
0277-3791/© 2016 Elsevier Ltd. All rights reserved.

characteristic feature of these sediments: the periodic deposition of
organic-rich layers, or “sapropels”, in the eastern basin (for overviews, see Rossignol-Strick, 1985; Rohling and Gieskes, 1989;
Rohling, 1994; Emeis et al., 1996; Cramp and O'Sullivan, 1999;
Rohling et al., 2015, and references therein).
The formation of these sapropels has been attributed to combinations of surface-water freshening, reduced deep-water ventilation, and increased export production (e.g., Rossignol-Strick et al.,
1982; Rossignol-Strick, 1985; Rohling, 1994; Higgs et al., 1994;
Emeis et al., 1996; Jorissen, 1999; Thomson et al., 1999; Mercone
et al., 2001; Casford et al., 2003; Abu-Zied et al., 2008; Schmiedl
et al., 2010). The main driver behind these processes was a relative increase in surface-layer buoyancy, and the mechanism behind
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this buoyancy forcing has long been attributed to monsoon-related
freshwater inputs into the eastern Mediterranean in response to
periodic northward shifts of the intertropical convergence zone
(ITCZ). Such shifts were associated with minima in the precession
cycle (hence maxima in boreal summer insolation), which caused
the summer monsoon rain belt to intensify and migrate north over
river catchments and North African wadi systems that drain into
the eastern Mediterranean, including the Nile (e.g., Rossignol-Strick
et al., 1982; Rossignol-Strick, 1985; Rohling, 1999; Rohling and De
~ a et al., 2003;
Rijk, 1999; Rohling et al., 2002, 2004; Larrasoan
Scrivner et al., 2004; Bianchi et al., 2006; Marino et al., 2007, 2009;
Osborne et al., 2008, 2010).
This accepted scenario of surface buoyancy forcing primarily
due to African monsoon changes has recently been challenged for
the most recent (early to middle Holocene) sapropel ‘S1’ (Grimm
et al., 2015). Based on comprehensive simulations with a 3dimensional ocean-circulation model coupled to a biogeochemical model and including a sediment module, Grimm et al. (2015)
concluded that the evolution of deep-water anoxia prior to S1
formation was initiated by sea-level rise and sea surface warming,
and that monsoon-related (i.e., freshwater and nutrient input)
forcings were not the sole cause for S1 formation because simulated
deep-water oxygen depletion started before the onset of enhanced
monsoon run-off. However, the study also acknowledged that
monsoon forcing potentially played a signiﬁcant role in determining the vertical extent of anoxia during S1 deposition. These
ﬁndings lead to the question of whether other sapropels were also
intrinsically linked e at least in part e to episodes of global ice melt.
If so, this would represent a paradigm shift to the common narrative of how sapropels were formed.
A link between sapropel formation and the melting of northern
hemisphere ice sheets was proposed in early studies of Mediterranean sediments (e.g., Kullenberg, 1952; Olausson, 1961; Ryan,
1972). More recently, Troelstra et al. (1991) suggested that glacial
meltwater contributed towards preconditioning the Mediterranean
for sapropel formation by lowering surface-water salinities. They
also suggested that this preconditioning process was interrupted by
the cold Younger Dryas (YD) interval. Rohling (1994) substantiated
these claims using a simple hydraulic model (based on Rohling and
Bryden, 1994), by demonstrating that both monsoon-related
freshwater forcing and deglaciation may have contributed to S1
formation. Rohling (1994) also suggested that a lag in S1 deposition
relative to the nearest insolation maximum may relate to the YD,
which would have interrupted the progressive deterioration of
deep-water ventilation (hence anoxia) necessary for sapropel
formation.
Observational datasets to resolve the monsoon-versusdeglaciation question must include high-resolution records of
sapropel deposition, (east) African monsoon variability, and icevolume/sea-level change on robust and chronologically consistent
timescales. Such datasets have not been available until recently
(Grant et al., 2012, 2014). A key issue in this respect is the fact that a
widely accepted astronomically tuned timescale for Mediterranean
sediments assumes a 3-kyr lag between precession minima and
sapropel mid-points (Hilgen et al., 1993; Lourens et al., 1996, 2004).
This assumption was derived from direct radiometric age constraints for sapropel S1 (e.g., Lourens et al., 1996; Mercone et al.,
2000; Casford et al., 2007; De Lange et al., 2008). Ziegler et al.
(2010a) argued that radiometrically dated oxygen isotope records
derived from Chinese speleothems could be used as a tuning target
for eastern Mediterranean sapropels, in order to test if the speciﬁc
S1 phase relationship can be extrapolated to older sapropels. They
found that the lag is variable for older sapropels but that on average
the assumption of a ~3 kyr lag is a good approximation for the Late
Pleistocene.

Here we examine the detailed timing of sapropel deposition
relative to insolation, sea-level, and African monsoon changes, using highly resolved, co-registered signals (i.e., measured on the
same sample suite) of monsoon-related run-off and sapropels S1,
S3, S4 and S5 in eastern Mediterranean core LC21 (southeastern
Aegean Sea; Fig. 1). These records have a radiometrically constrained chronology which has already been synchronised (Grant
et al., 2012) with the Red Sea relative sea-level (RSL) record
(Siddall et al., 2003, 2004; Rohling et al., 2009), so inferred phase
relationships between sapropels, monsoon forcing, and sea-level
changes are robust within quantiﬁed uncertainties. It has been
demonstrated that the Red Sea RSL record closely approximates
global (eustatic) sea-level variations (see discussion and glacial
isostatic modelling in Grant et al., 2014), which in turn reﬂect global
ice-volume variability on glacial-interglacial timescales. We can
therefore use the tightly constrained relationships in our dataset to
remove ice-volume effects from the LC21 d18O record of the
planktonic foraminifer Globigerinoides ruber (white) (d18Oruber), to
produce a robust, deconvolved climate and hydrological record for
the eastern Mediterranean, which extends over the entire last
glacial cycle. We also present new sediment geochemical records
from core LC21 that accurately delineate its sapropel intervals. By
examining timing relationships e on an internally consistent, U/Thbased chronology e between sapropel deposition and changes in
sea level, insolation and African monsoon run-off, we seek to clarify
current understanding of sapropel formation mechanisms under
different glacial boundary conditions. It is important to emphasise
here that current knowledge of sapropel formation is largely based
on sapropel S1, followed by S5, because these are the most studied
sapropels. Yet S1 was relatively weakly developed and was associated with lower insolation forcing, compared to other sapropels.
Also, both S1 and S5 were deposited after large deglaciations. These
sapropels are therefore not typical of all sapropels, hence the need
to examine a range of sapropels with different magnitudes of the
postulated forcings.
An additional incentive for more detailed study of the dynamics
behind sapropel formation is the recent development of a method
to reconstruct past sea-level changes using eastern Mediterranean
sediments (Rohling et al., 2014). This method relies on the sensitivity of eastern Mediterranean seawater d18O to glacial-interglacial
sea-level changes in the Gibraltar Strait. However, the conversion of
Mediterranean d18O to sea level is not systematically straightforward, due to the periodic inﬂux of 18O-depleted monsoon run-off
into the eastern Mediterranean. As a result, the Mediterranean
sea-level method currently involves identifying sapropel intervals
and removing them from the sea-level reconstruction. A better
understanding of eastern Mediterranean d18O changes across sapropel intervals, as presented in this study, will therefore contribute
towards improving the Mediterranean sea-level method.
2. Methods
2.1. Geochemical analyses
Scanning x-ray ﬂuorescence (XRF) elemental analyses of the
archive halves of sediment core LC21 (southern Aegean Sea, 35 400
N, 26 350 E; Fig. 2) were performed at the British Ocean Sediment
Core Research Facility (BOSCORF) at the National Oceanography
Centre, Southampton, using an Itrax XRF core scanner (Cox
Analytical Systems, Gothenburg, Sweden). XRF data were collected
every 0.5 mm down-core using a molybdenum tube set at 30 kV
and 30 mA, and a sampling time of 40 s directly at the core surface.
The exposed core surface was covered with a 4 mm thin SPEX Certi
Prep Ultralene1 foil to avoid contamination of the XRF measurement unit and desiccation of the sediment. Subsequent sub-
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Fig. 1. Location of marine cores discussed in the study and schematic of surface circulation in the eastern Mediterranean Sea.
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Fig. 2. Photograph of core LC21 (in metres below sea ﬂoor, mbsf) with scanning XRF
records of barium and vanadium (grey, with 41-point moving averages in black).
Sapropels are indicated (grey rectangles).

sampling at continuous 1-cm intervals and stable isotope analyses
of the same core halves have been described in Grant et al. (2012).
The foraminiferal stable oxygen and carbon isotope records discussed below are for the surface-dwelling species Globigerinoides
ruber (white) (d18Oruber, d13Cruber) and the sub-surface dwelling
species Neogloboquadrina pachyderma (dextral) (d18Opac, d13Cpac)
(cf. Rohling et al., 2004). Tests of these species were selected from
>300 mm and 150e300 mm sieved sediment fractions, respectively
(see Methods in Grant et al., 2012).

Four sapropels (S1, S3, S4, S5) are visibly identiﬁed in core LC21
by distinct colour and lithological changes, from olive-grey, ﬁnegrained nannofossil ooze/clay admixtures to much darker layers
rich in organic matter (sapropels) (Fig. 2). An ‘interruption’ to
sapropel deposition is evident in S4 and to a lesser extent in S1
(Fig. 2). Because redox reactions at the sediment-seawater interface, and within sediments, can cause downward reduction at the
sapropel base and downward oxidation (or ‘burn down’) at the
sapropel top, sapropel boundaries are best identiﬁed using elements that are enriched in sapropels and that subsequently exhibit
conservative behaviour within sediments (Thomson et al., 1995; De
Lange et al., 2008). Barium is ideal for this purpose because it is
well-preserved in sediments (Dymond et al., 1992), and enriched in
sapropels (Thomson et al., 1995; De Lange et al., 2008) due to its
association with export productivity (Dymond et al., 1992). In core
LC21, pronounced increases in Ba at sapropel horizons are accompanied by elevated Vanadium (V). Vanadium is a redox-sensitive
element and precipitates under reducing conditions, so although
V can be mobile in sediments, the good agreement between increases in V and Ba in core LC21 implies that e in this case e
elevated V reliably indicates sapropel boundaries (see Thomson
et al., 1995; Nijenhuis et al., 1999; Table 1).
2.3. Chronology
The age-depth model for core LC21 is described in detail in
Grant et al. (2012). Brieﬂy, it is constrained by 14 direct radiocarbon
datings and two geochemically ‘ﬁngerprinted’ tephra layers (the
Minoan and Campanian Ignimbrite; Satow et al., 2015) for the interval 0e40 ka BP, and by process-based correlation to the U/Thdated Soreq Cave (Israel) speleothem d18O record for the interval
>40e150 ka BP. All tie-points, radiometric ages (including all Soreq
Table 1
Age boundaries, duration [kyr, in parentheses] and mid-point of core LC21 sapropels,
and timing of the respective monsoon signal.
Age: (ka BP)

Sapropel

S1
S3
S4
S4 interruption
S5

6.1e10.5
80.8e85.8
101.8e107.8
104.0e105.4
121.5e128.3

[4.4]
[5.0]
[6.0]
[1.4]
[6.8]

Sapropel mid-point

Monsoon onset

8.3
83.3
104.8
104.9
124.9

10.8
85.8
108.0
128.3
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speleothem datings) and their uncertainties were probabilistically
assessed in a Bayesian deposition model (using ‘OxCal’ software,
Bronk Ramsey, 2008, 2009). Full error propagation yielded age
uncertainties (at 2s) of 0.4 ± 0.2 kyr for the interval 0e40 ka BP, and
2.0 ± 0.9 kyr for the interval >40e150 ka BP. The Red Sea RSL record
was synchronised with the LC21 chronology using the LC21 d18Opac
record (Grant et al., 2012); this record primarily reﬂects glacialinterglacial sea-level changes due to a ‘glacial concentration’ effect on Mediterranean seawater d18O similar to that in the Red Sea
(see Rohling, 1999; Grant et al., 2012; and Rohling et al., 2014 for
more technical details).
3. Deconvolving the LC21 d18Oruber record
3.1. Global ice-volume effects
As mentioned before, global ice-volume changes strongly affect
Mediterranean seawater d18O due to the restriction of exchange
ﬂow through the Strait of Gibraltar with lowering of sea level
(Rohling, 1999; Rohling et al., 2014). The LC21 d18O records therefore contain an important sea-level component (equations (1) and
(2)); removal of this component from the d18Oruber record e a proxy
for eastern Mediterranean surface-water d18O e will therefore
isolate local climatic inﬂuences on Mediterranean surface-water
d18O (see below). Calculation of this ‘residuals’ signal ﬁrst requires conversion of the Red Sea relative sea-level (RSL) record (y)
into equivalent eastern Mediterranean d18O values (x), based on the
upper (equation (1)) and lower (equation (2)) probability limits for
a quadratic relationship determined by Rohling et al. (2014):
y ¼ 18.23253367 e 54.32756406x þ 2.68013962x2

(1)

y ¼ 19.83859107 e 54.97329064x þ 1.027303677x2

(2)

Because the Red Sea RSL record is unreliable ca 14e23 ka BP
(Fig. 3a; see Rohling et al., 2009), we have additionally converted
into equivalent Mediterranean d18O values the probabilistic sealevel record of Stanford et al. (2011) for the last deglaciation (this
record is based on numerous radiometrically dated sea-level indicators). The converted RSL records (Fig. 3a) were normalised to
the Late Holocene values for d18Oruber and then subtracted from
d18Oruber. The resultant ‘LC21 residuals’ are deﬁned by d18Oruber
values lighter/heavier than the upper/lower 95% probability intervals of the converted RSL records (Fig. 3b). While these probability intervals should account for most of the sea-level/ice-volume
component in the d18Oruber record, we note that there may be two
short-term intervals (Section 3.2 below) where glacial inﬂuences
on Mediterranean d18O have not been captured in the d18O-to-sealevel conversion.
3.2. Meltwater effects
Observational data and numerical modelling both suggest that
the ﬂow of Atlantic water into the Mediterranean was signiﬁcantly
increased during glacial and deglacial North Atlantic freshening
events, or ‘Heinrich Stadials’ (HS), compared to background conditions (e.g., Cacho et al., 1999; Sierro et al., 2005; Rogerson et al.,
2010). Sierro et al. (2005) demonstrated that the past ﬁve HS
were associated with signiﬁcant 18O depletions in western Mediterranean surface waters, after correcting the foraminifera d18O for
temperature and ice-volume effects. These depletions were
observed in the Alboran Sea (core MD95-2043) as well as north of
the Balearic Islands (core MD99-2343) (Fig. 1). Subsequent studies
have corroborated these ﬁndings. A western Mediterranean surface
water 18O depletion during HS has been documented for: the Gulf

of Cadiz during HS1 (Voelker et al., 2006), the Strait of Sicily during
HS1 (Essallami et al., 2007), the Gulf of Lion during HS1, HS2 and
the YD (Melki et al., 2009; Lombo-Tombo et al., 2015), the Menorca
Rise (ODP site 975) during HS11 (Kandiano et al., 2014), and the
nez-Amat
Alboran Sea (ODP site 976) during HS1 and HS11 (Jime
and Zahn, 2015) (Fig. 1). Moreover, a synthesis of surface water
d18O proﬁles from sediment cores from the Gulf of Cadiz and
Alboran Sea covering the last ~30 ky revealed a reduced AtlanticMediterranean d18O gradient during HS (Rogerson et al., 2010). In
the same study, a one-dimensional hydraulic control model for the
Strait of Gibraltar conﬁrmed that enhanced Atlantic inﬂow to the
Mediterranean would result from a freshening of the North Atlantic
associated with iceberg meltwater. Such a scenario has recently
been corroborated by hosing experiments with a suite of CMIP5
models (Swingedouw et al., 2013), which show that (isotopically
light) meltwater from the subpolar North Atlantic is directed towards the Gulf of Cadiz by the Canary current.
Comparison of the LC21 residuals with a record of sea-level
change rates (‘dRSL’) on the same LC21 chronology, and with the
(radiometrically dated) timing of meltwater pulse 1a (Deschamps

et al., 2012) and HS1 (Alvares-Solas
et al., 2011), and with the
radiometrically constrained timing of HS11 (Marino et al., 2015)
(Fig. 3c), reveals that the timing of large melting events during
terminations I and especially II coincides with distinct intervals of
negative residuals. The timing of HS3 and HS5 can also potentially
be correlated with pronounced negative LC21 residuals ca 28e30
and 46e48 ka, respectively (Fig. 3b), in line with Sierro et al.'s
(2005) observations of surface-water 18O depletions in the western Mediterranean during the last ﬁve HS. This inference is possibly
supported by dRSL for HS5, but not for HS3 (Fig. 3c).
If we consider sub-surface d18O records from core LC21 and ODP
site 975 that have been tuned to the same age model (Marino et al.,
2015; Figs. 1 and 4a), we observe an isochronous 18O depletion at
these sites during HS11. Although on a different age model, a
depletion of similar timing and magnitude at ODP site 975 is
recorded by surface-water d18O records (Kandiano et al., 2014;
Fig. 4b), so the LC21 18O depletion appears to be consistent with
widespread observations from the western Mediterranean. In that
case, it seems likely that negative spikes in the LC21 residuals
during major deglaciation events are due to North Atlantic (meltwater-related) d18O anomalies propagating into the eastern Mediterranean, and these short-term signals are not captured by the
RSL-to-d18O conversion for the Mediterranean (Rohling et al., 2014).
An additional consideration is the direct input of glacial meltwater into the Mediterranean from alpine deglaciation and/or
retreat of the European ice sheet (EIS). Regarding alpine meltwater,
a synthesis of Mediterranean mountain glacial activity suggests
that the last deglaciation was staggered, with several glacial advances/retreats occurring between the last glacial maximum and
the Holocene, yet there are no reliably dated records from many
areas (see Hughes and Woodward, 2009). The relatively small
glaciers in this region would have responded rapidly to climate
change and decayed much faster than extensive ice sheets (Hughes
et al., 2006), which implies that the largest meltwater effects on
Mediterranean d18O would have occurred early in the deglaciation.
It therefore seems unlikely that the negative LC21 residuals ca 15 ka
are primarily due to alpine meltwater. Nonetheless, a negative shift
in surface water d18O coinciding with HS1 has been recorded in
cores from the Rhone Canyon, in the far north Gulf of Lion (Lombo
Tombo et al., 2015), which may reﬂect enhanced Rhone run-off at
that time. Also, Rohling et al. (2015) argued that alpine meltwater
from the Rhone offered the most plausible explanation for the
onset of the most recent organic rich layer (ORL1) in the western
Mediterranean, at ~14.5 ka.
Even less information about Mediterranean alpine meltwater is
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Fig. 3. a) Planktonic foraminiferal (G. ruber) d18O record from core LC21 (red), superimposed on a maximum probability sea-level record (Grant et al., 2012, 2014, based on the Red
Sea sea-level reconstruction method of Siddall et al., 2003, 2004 and Rohling et al., 2009) which has been converted into equivalent Mediterranean d18O values following Rohling
et al. (2014) (darker blue shading ¼ 68% conﬁdence limits; lighter blue shading ¼ 95% conﬁdence limits). The RSL record is unreliable ca 14e23 ka BP so the probabilistic sea-level
reconstruction of Stanford et al. (2011), (which is based on radiometrically dated sea-level indicators), has also been converted into equivalent Mediterranean d18O values (black
dashed lines ¼ 2s error). b) LC21 d18O ‘residuals’ beyond the 68% (pale red) and 95% (dark red) conﬁdence limits of the Red Sea sea-level equivalent d18O variations, and beyond the
95% (black line) conﬁdence limits of the Stanford et al. (2011) sea-level equivalent d18O variations. A potential correlation between negative residuals and Heinrich Stadials (HS) 3
and 5 is based on the timing of Dansgaard-Oeschger stadials in Greenland ice (Rasmussen et al., 2014). Boreal summer insolation at 65 N (orange; after Laskar, 1990) is also shown.
c) Maximum probability record of rates of sea-level change (dRSL) with its 95% probability interval (blue envelope; equivalent to 2s) (Grant et al., 2012, 2014), based on the Red Sea
sea-level reconstruction method (Siddall et al., 2003, 2004; Rohling et al., 2009). The record is unreliable ca 14e23 ka BP so meltwater pulse 1A (Deschamps et al., 2012) is also
indicated (blue square with 2s error bars), as well as Stanford et al.'s (2011) record of sea-level change rates (grey shading ¼ 95% probability interval). The timing of sapropels S1-S5

(grey rectangles), the Younger Dryas (Rasmussen et al., 2014) and Heinrich Stadials 1 (Alvares-Solas
et al., 2011) and 11 (Marino et al., 2015) (green rectangles), and an inferred sharp
increase in monsoon run-off into the eastern Mediterranean (yellow lines) are also indicated.

Fig. 4. Stable oxygen isotope records through sapropel S5 of a) N. pachyderma from core LC21 (red) and ODP Site 975 (black; Marino et al., 2015), on the radiometrically constrained
chronology of Grant et al. (2012), and b) N. pachyderma (black; Marino et al., 2015), Globigerinoides bulloides (orange), and G. ruber (blue) (Kandiano et al., 2014) from ODP Site 975.
The timing of Heinrich Stadial 11 (Marino et al., 2015) is also indicated (green rectangle).

available for the penultimate deglaciation. The negative LC21 residuals spike ca 133 ka occurs ~1e2 ky after the onset of termination 2 (i.e., closer to the onset of deglaciation than during
termination 1), so alpine meltwater may have contributed to this
isotopic depletion in LC21. However, the relatively small volume
and 18O depletion of alpine meltwaters compared to global ice
sheets means that North Atlantic meltwaters propagating into the
eastern Mediterranean would likely dominate any d18O meltwater
signals in LC21. Further data are needed to address this question.
Regarding meltwater from European ice sheets, recent work
suggests that drainage of the EIS at the end of the last glacial cycle

was predominantly into the North Atlantic (Toucanne et al., 2015a),
but there is also evidence that meltwater from the Fennoscandian
ice sheet (FIS) ﬂowed into the Black Sea during HS1, and that this
overﬂowed into the northern Aegean Sea (Soulet et al., 2013). Other
studies of Black Sea sediments, however, suggest generally stable
environmental and hydrologic conditions through the last deglaciation until 14.5 ka BP, despite an interruption between 16.5 and
14.8 ka BP which was linked to input of sediments from a northern
source (possibly the FIS) (Major et al., 2006; Bahr et al., 2006, 2008).
Those and other studies (Sperling et al., 2003; Rohling et al., 2015)
agree that reconnection of the Black Sea with the Mediterranean
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appears to have been established much later, ca 9 ka BP. There are
far fewer robust observations for the penultimate deglaciation, so
in view of available evidence, we surmise that any input of meltwater from European ice sheets directly into the Mediterranean
was likely relatively small for the last deglaciation, and therefore
would not signiﬁcantly affect the LC21 d18O residuals.
In short, the timing, volume and isotopic composition of alpine
run-off into the Mediterranean over glacial-interglacial timeframes
is not well constrained. While this freshwater source cannot be
ruled out, the close timing between negative spikes in the LC21
residuals, 18O depletions in the western Mediterranean, and HS
suggests that the propagation of meltwater from the North Atlantic
into the eastern Mediterranean explains most of the negative LC21
residuals at the end of HS1 and within HS11 (Fig. 3b). This is the ﬁrst
time such an inference has been made for the eastern Mediterranean, and it has important new implications for the interpretation
of eastern Mediterranean d18O records, including those from speleothems whose source waters derive from eastern Mediterranean
sea-surface water.

3.3. Local climatic effects
Next we consider local climatic inﬂuences on Mediterranean
surface-water d18O, and how these may manifest in the LC21 residuals. Such inﬂuences include sea surface temperature (SST),
regional precipitation/evaporation, and African monsoon run-off.

3.3.1. Temperature
The RSL-to-d18O conversion accounts for glacial-interglacial
Mediterranean SST contrasts of þ5  C (summer) and þ3.5  C
(winter), with probabilistically determined uncertainties (see
Rohling et al., 2014). These gradients are based on reconstructions
for the LGM-to-Present (Hayes et al., 2005) and agree with isotopeand alkenone-derived SST estimates (Cita et al., 1977; Emeis et al.,
2003). Such reconstructions also imply, however, that the penultimate glacial-interglacial SST gradient in the eastern Mediterranean was up to double that of the LGM-to-Present (Cita et al., 1977;
Emeis et al., 2003). In that case, the sharp rise in negative LC21
residuals at the onset of sapropel S5 (Fig. 3b) might partly reﬂect a
SST increase that has not been accounted for in the RSL-to-d18O
conversion.
We have converted existing SST data for core LC21 (Marino et al.,
2007, 2009) to our U/Th-related chronology (Fig. 5a,b). Although
the data only cover the intervals of sapropels S1 and S5, detailed
SST reconstructions for the eastern Mediterranean (Emeis et al.,
2000, 2003) suggest that glacial-interglacial SST increases were
greater immediately prior to S1 and S5 than for S3 and S4. Hence,
any temperature effects on the LC21 residuals at the onset of S3 and
S4 should be less pronounced than those for S1 and S5. The RSL-tod18O conversion used to calculate the LC21 residuals (Section 3.1) is
based on LGM-to-Present temperature gradients; therefore, the
residuals record implicitly takes into account any SST increases
prior to the onset of sapropels S1, S3 and S4. ‘Small-scale’ temperature variations are not accounted for in the RSL-to-d18O conversion, although their effect on the LC21 residuals at sapropel onset
would likely be negligible compared to the larger warming trends.
Regarding sapropel S5, the LC21 (Fig. 5b) and comparable SST records (e.g., for southern Aegean core MD40/67 in Emeis et al., 2003)
suggest a glacial-interglacial temperature gradient that was 3e4  C
(equivalent to a maximum of 0.8‰) greater than that of the last
deglaciation. Allowing for this ~1‰ change due to SST changes
means that at least 0.5‰ of the negative shift in residuals at the
onset of S5 must still be explained.

3.3.2. Precipitationeevaporation
Any temperature effects on foraminiferal calcite d18O would be
(partly) offset by fractionation effects on seawater d18O due to
evaporation. Hence, our inferred depletions in LC21 residuals due
to increased SSTs should be viewed as maximum estimates, and
were likely lower. The next question is therefore: to what extent do
the remaining negative residuals (Fig. 3b) reﬂect a decrease in net
evaporation from the Mediterranean region during times of sapropel deposition? This has long been debated, reﬂecting the contrasting and/or so far ambiguous proxy evidence (mainly pollen
data) for hydrological changes in the eastern Mediterranean region
at times of sapropel formation (see Tzedakis, 2007, 2009 and
Rohling et al., 2015 for overviews).
For example, Kallel et al. (1997, 2000) inferred that the salinity of
eastern Mediterranean surface waters (SSS) was homogenous
during sapropel deposition, and suggested that this reﬂected an
increase in local precipitation. However, a statistical assessment of
d18O gradients through the Mediterranean basin for the time of S1
deposition indicated that strongest depletion clearly occurred in
the Levantine region, in the vicinity of the Nile outlet (Rohling and
De Rijk, 1999). Those authors also contested the calibration of d18O
into SSS as used by Kallel et al. (1997, 2000), because the modern
sea-surface salinity:d18O ratio in the Mediterranean does not hold
for periods of enhanced freshwater input to the basin; that objection was further quantiﬁed by Rohling (1999) and Rohling et al.
(2004). The importance of ‘other freshwater sources’ (than the
Nile) to the eastern Mediterranean at the beginning and end of
sapropel S5 deposition was also suggested by Scrivner et al. (2004),
based on an apparent disparity between trends in Nd isotopes and
residual d18O (i.e., corrected for temperature and ice-volume effects) across S5 at ODP site 967. However, the Nd record is of lower
resolution compared to the d18O residuals, and, even if the offset is
real, run-off from the wider North African margin could account for
‘other freshwater sources’, as was shown by Osborne et al. (2008).
Palynological studies of the eastern Mediterranean have also
inferred an increase in summer precipitation during times of sapropel formation (e.g., Rossignol-Strick, 1987, 1999; Wijmstra et al.,
1990; Rossignol-Strick and Paterne, 1999; Langgut et al., 2011).
However, Tzedakis (2009) questioned the reliability of these interpretations, and suggested that drought-resistant species or
winter precipitation equivalent to the present-day regime could
explain the observed trends, without the need to invoke enhanced
summer precipitation. This interpretation is supported by
Toucanne et al. (2015b), who inferred an increase in winter precipitation over the northern Mediterranean borderlands (NMB)
during warm intervals of interglacials over the past 547 kyr, based
on a suite of geochemical and lithological tracers of Golo River runoff into the northern Tyrrhenian Sea (core GDEC-4-2, Fig. 1).
In contrast, a comprehensive review of evidence for humidity
changes in the Levant over the last two glacial-interglacial cycles
concluded that, in general, it was the glacial (rather than interglacial) periods that were wetter (Frumkin et al., 2011). This is quantitatively supported by calculations of Dead Sea (¼Lake Lisan) levels
over the past 120 ka BP (Rohling, 2013). Similarly, groundwater
isotope data suggest that Saharan aquifers were recharged during
glacial rather than interglacial periods (Abouelmagd et al., 2012,
2014). However, speleothem growth periods in the Negev Desert
(Israel) e indicative of wetter intervals e generally coincide with
interglacials and monsoon maxima/precession minima (i.e., sapropel intervals), but not always: the Northern Negev appears to
have been arid at 105 ka (zsapropel S4) and 11 ka (zS1) (Vaks
et al., 2006).
Despite these apparently disparate ﬁndings, a consensus is
emerging that they can be explained by increased seasonality and
winter precipitation in the eastern Mediterranean during
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Fig. 5. Ice-core methane (CH4) variations from Greenland (NGRIP; Baumgartner et al., 2014) (a, c, d) and from Antarctica (EDML; Schilt et al., 2010) on the AICC2012 chronology
(Bazin et al., 2013) (b), compared with LC21 residuals beyond the 68% (orange) and 95% (red) conﬁdence limits of sea-level equivalent d18O variations. In (a), LC21 residuals are also
calculated using the Stanford et al. (2011) sea-level reconstruction (open red circles) (see Fig. 3). The NGRIP temperature record is also in a and d (black; Kindler et al., 2014) and a U/
Th-dated speleothem d18O record (brown) from the northern European Alps (NALPS; Boch et al., 2011) is shown in d. Intervals shown are for full interglacial conditions (a, b) and
periods of glacial inceptions (c, d). Previously published sea surface temperature (SST) records from LC21 (blue) were derived from alkenones (b; Marino et al., 2007) and from
planktonic foraminiferal data (a; Marino et al., 2009), and have been converted to the Grant et al. (2012) chronology used here.

precession minima (Tzedakis, 2007; Frumkin et al., 2011; Milner
et al., 2012; Rohling et al., 2015; Toucanne et al., 2015b). This
argument is supported by recent simulations using a highresolution, fully coupled ocean-atmosphere general circulation
model (Bosmans et al., 2015). If we assume the ‘winter precipitation’ hypothesis to be correct, the key question then is what would
be the effect of increased winter rainfall on eastern Mediterranean
sea-surface d18O, and could that explain negative LC21 d18O residuals during precession minima? In Bosmans et al.'s (2015) simulations, the predicted winter precipitation was not uniform over
the Mediterranean but focussed over the Ionian and Levantine Seas,
and was associated with local convection rather than eastward
propagating storm tracks from the North Atlantic. Interestingly, no
increase in either summer or winter rainfall over the NMB during
precession minima was indicated, whereas both summer and
winter rainfall increased over the Levant. These observations suggest that the effect on surface water d18O of any precipitation increase would be localised; furthermore, this effect would likely be
either negligible (i.e., balanced by increased evaporation from the
same basin) or an increase in d18O values (if locally evaporated
moisture precipitated outside the catchments of the eastern Mediterranean basin) (Rohling et al., 2015).
To further investigate these effects, we developed a record of
‘Soreq excess d18O’ (d18OSOREQ XS) for the Soreq cave (Israel) speleothem d18O record (d18Ospeleo) by subtracting the LC21 d18Oruber

record from it (Fig. 6). The d18OSOREQ XS record thus represents a
deconvolved local eastern Mediterranean climate signal, from
which any bias related to monsoon/riverine run-off or global glacial
cycles has been removed. This calculation is possible because i)
there is a direct evaporation-precipitation link between the d18O
composition of eastern Mediterranean surface waters and speleothems from the Levant (Matthews et al., 2000; Bar-Matthews et al.,
2003; McGarry et al., 2004; Kolodny et al., 2005; Almogi-Labin
et al., 2009; Marino et al., 2009; Grant et al., 2012), ii) temperature variations in eastern Mediterranean surface waters and Soreq
cave are coupled (Bar-Matthews et al., 2003; Affek et al., 2008), and
iii) the d18Ospeleo and d18Oruber records have been previously
synchronised (Grant et al., 2012). We ﬁrst interpolated the
d18Ospeleo and d18Oruber records to the same age-steps, subtracted
the mean from each record so that they were centred about a mean
of zero, and then subtracted the zero-centralised d18Oruber from the
zero-centralised d18Ospeleo. The uncertainty of d18OSOREQ XS about
the mean value (±0.38 at 2s) was calculated using a root mean
squares calculation, and combines uncertainties for the average
Late Holocene value of d18Ospeleo (±0.29) and d18Oruber (±0.24).
The d18OSOREQ XS values suggest that most of the S1, S3, and S4
intervals were not characterised by systematically wetter/warmer
conditions in the Levant (Fig. 6b), although an inferred decrease in
net evaporation during brief (<1 ky) periods within the latter
halves of sapropels S1 and S4 can account for some of the variability
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Fig. 6. a) Soreq cave speleothem d18O (red; Grant et al., 2012) and LC21 G. ruber d18O (blue). b) Soreq cave ‘excess’ d18O (d18OSOREQ
(green; see Section 3.3.2) for sapropels S1, S3, S4 and S5 (grey rectangles).

in the residuals at those times. In contrast, d18OSOREQ XS implies
intermittently wetter/warmer conditions at Soreq Cave during
sapropel S5 (Fig. 6b). These interpretations are broadly consistent
with the ﬁndings of Vaks et al. (2006), who noted that not all
monsoon maxima/precession minima were associated with more
humid intervals in the Levant. Speciﬁcally, both d18OSOREQ XS and
the Vaks et al. (2006) study imply that the interval of S5 was
generally more humid, while the S4 and S1 intervals were relatively
arid. The d18OSOREQ XS record suggests that the S3 interval was also
relatively arid, although the Vaks et al. (2006) study suggests that
this interval was more humid. We note that the Bosmans et al.
(2015) ‘precession minima’ simulations were performed for
maximum eccentricity only, i.e., equivalent to the orbital conﬁguration for S5; future modelling of precession minima of different
intensities is therefore needed to fully validate the observational
data. Finally, positive d18OSOREQ XS values in the earliest part of S5
imply drier conditions in the eastern Mediterranean at that time.
This is consistent with evidence for a peak in Mediterranean sclerophylls during the initial period (ﬁrst ~2 kyr) of interglacials,
which strongly suggests summer aridity (Tzedakis et al., 2002,
2003; Tzedakis, 2009, and references therein). Hence, the sharp
decrease in LC21 residuals at the onset of S5 (Fig. 3b) is not likely to
represent decreased net evaporation in the eastern Mediterranean
region.
To sum up, minimal climatic inﬂuences can be attributed to the
LC21 residuals through S1, S3 and S4, and a maximum of 1‰
(likely less) of the LC21 residuals through sapropel S5 can be
explained by local climate changes. We therefore conclude that
most of the abrupt negative shifts in LC21 residuals at the onset of
sapropels are unlikely to be due to local climatic changes, and
instead reﬂect external, monsoon-related run-off into the eastern
Mediterranean from the Nile and wider North African margin (e.g.,
Rossignol-Strick, 1985; Rohling, 1999; Rohling et al., 2002; Scrivner
et al., 2004; Osborne et al., 2008, 2010).
4. A proxy for African monsoon run-off
A useful means for validating our conclusion that the LC21 residuals predominantly reﬂect African monsoon run-off into the

XS)

after removal of source-water d18O signal

eastern Mediterranean, is to compare them with past changes in
atmospheric methane (CH4) concentrations. Such changes are
closely related to the extent of tropical wetlands, and therefore also
to changes in monsoon precipitation (Chappellaz et al., 1990;
Spahni et al., 2011). Alternatively, we could compare the residuals
to other African monsoon proxy records, yet this is not straightforward due to i) large spatial and temporal heterogeneity in African monsoon precipitation, ii) variable threshold responses
among different precipitation/monsoon proxies, iii) a dearth of
suitable records extending from the Holocene to MIS 5e, and iv)
chronological uncertainties within and between different proxy
records (see Gasse, 2000). While ice-core CH4 records are not
without chronological uncertainties, and do not unambiguously
reﬂect monsoon variability (for instance, they are also coupled to
northern hemisphere temperature ﬂuctuations; see Baumgartner
et al., 2014), they are advantageous because they provide a
continuous, high resolution, well-mixed (spatially and temporally)
signal over the entire last glacial cycle that is strongly coupled to
boreal tropical hydrological changes. We therefore compare our
LC21 residuals with ice-core CH4 records from Greenland (North
Greenland Ice-core Project (NGRIP); Baumgartner et al., 2014) and
from Antarctica (EPICA Dronning Maud Land (EDML); Schilt et al.,
2010; Bazin et al., 2013) (Fig. 5). Fig. 5 reveals good agreement in
the timing of abrupt CH4 increases and negative LC21 residuals
prior to sapropel onset, for all four sapropel intervals considered
here.
The agreement is excellent for S3 and S5 at sapropel onset
(Fig. 5b,c). A smaller peak in the LC21 residuals before S5 (ca 132 ka)
can be (partly) explained by isotopically light meltwater reaching
the eastern Mediterranean (Section 3.2), so we do not compare the
LC21 residuals and CH4 over this interval. For S4, methane levels
start to increase ~0.5e1 kyr before the LC21 residuals decrease
(Fig. 5d). While this offset is within the age uncertainties of both
records, the timing of the LC21 residuals decrease is very closely
aligned with a marked increase in d18O in a U/Th-dated speleothem
(‘NALPS’; Boch et al., 2011) from the European Alps (Fig. 5d). The
NALPS record primarily reﬂects high-latitude temperature variations in the wider North Atlantic, and is remarkably similar to
NGRIP temperature reconstructions (Boch et al., 2011). Given that
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5. Discussion

(Lourens et al., 1996, 2004; Ziegler et al., 2010a), and we ﬁnd a
comparable phase offset for S1. We ﬁnd that it also appears to be
valid for S5, but not for S3 or S4. We note, however, that the midpoint ages for S1, S3, S4 and S5 in Ziegler et al. (2010a) are all
within chronological uncertainties of the new mid-point ages
presented here, when we consider what Ziegler et al. (2010a)
termed “precursory events” of S3 and S4 as part of the sapropel.
It is worth bearing in mind that the timing of a sapropel midpoint depends on the duration of sapropel deposition, as noted
by Emeis et al. (2003), and this clearly varies (Table 1). In core LC21,
the largest discrepancy between sapropel durations is between S1
and S5 (2.4 kyr, Table 1), yet both sapropels exhibit a similar
precession-lag. Furthermore, S4 and S5 have similar durations, yet
very different insolation phasings (Tables 1 and 2). Therefore, differences among sapropel mid-point phasings with respect to precession are not simply an artefact of variable sapropel deposition
periods. An alternative approach is to consider sapropeleinsolation
phasings based on the onset rather than mid-point of a sapropel.
This makes sense because African monsoon precipitation is inﬂuenced by positive vegetation-albedo feedbacks which vary with
insolation intensity (Nicholson, 2009). These feedbacks are therefore unlikely to be the same for all sapropels. However, at the onset
of elevated monsoon run-off (¼ sapropel deposition), such feedbacks would not yet have had time to fully develop. Hence, the
timing of sapropel onsets should be less biased by feedback processes than the timing of sapropel mid-points. As noted above, in
LC21 we observe similar (relative) differences among sapropeleinsolation phasings using the onset and mid-point criteria
(Table 2), which suggests that our inferred phase relationships are
robust.
Regardless of possible explanations for the above phase differences, our observations suggest that 1) the concept of a consistent
3-kyr lag between precession minima/insolation maxima and an
interval of sapropel deposition is valid only within broad uncertainties of a few thousand years, and 2) insolation is not the sole
driver of African monsoon dynamics, given that insolationemonsoon phasings do not seem to be consistent among the
sapropels considered here.

5.1. Monsoonesapropel phasing

5.2. Sea levelesapropel phasing

Our reconstructions suggest that the increases in African
monsoon run-off associated with sapropels S3, S4 and S5 are
sharply delineated, and coincide closely with the starts of sapropel
deposition. For sapropel S1, the onset of the monsoon signal seems
somewhat masked in the LC21 residuals, likely due to meltwater
effects (Fig. 3; Section 3.2). Nonetheless, an abrupt increase in
monsoon run-off to peak values coincides with the onset of S1.
These coherent observations suggest that monsoon-related freshwater inputs to the eastern Mediterranean were a primary driver in
triggering the onset of sapropel formation, consistent with conventional views (e.g., Rossignol-Strick, 1985; Emeis et al., 1996;
Ziegler et al., 2010a).
The timing of sapropels (and monsoonal ﬂooding) relative to
insolation/precession, however, varies by up to ~3 kyr, irrespective
of whether the sapropel onset or mid-point is used for phase calculations (Table 2, Fig. 7). We focus on sapropel mid-point phasings
in order to compare our results with previous studies (Lourens
et al., 1996, 2004; Ziegler et al., 2010a). The mid-points of sapropels S3 and S4 in core LC21 occurred within 0.1e0.8 kyr of precession minima and insolation maxima (Table 2; Fig. 7c,d), whereas
the mid-points of sapropels S1 and S5 lag the nearest precession
minimum/insolation maximum by 2.1e3.3 kyr (Table 2; Fig. 7a,b).
Previous studies inferred a lag of ~3 kyr between the mid-point of
S1 and the nearest precession minimum/insolation maximum

In core LC21, the deposition of sapropels S3, S4 and S5 began
after sea level had risen to a relative ‘highstand’, despite differences
in the height of these highstands (Fig. 7bed). Conversely, sapropel
S1 was deposited when sea level was still rising, and its onset
occurred ~4 kyr before a highstand (Fig. 7a). These observations
suggest that the relative timing of the Holocene sapropel (S1) was
unique for the last glacial cycle. However, when considering rates
(dRSL) and amplitudes of sea-level change, rather than RSL itself,
we see another pattern, namely a clear discrepancy between sea
levelesapropel phasings between early interglacial and glacialinception periods (Fig. 7). In the interglacial case (S1 and S5), sapropel deposition began after sea-levels had risen ~90 m, and after a
50e75% reduction in rates of sea-level rise from their peak rates
(Fig. 7a,b). In the case of glacial inception times (S3 and S4), the
onset of sapropel deposition occurred after substantially smaller
sea-level rises (~15e35 m), and just after sea-level rise rates peaked
(Fig. 7c,d).
These results imply that over the last glacial cycle, sapropel
deposition was sensitive to sea-level changes, in agreement with
Grimm et al.'s (2015) model experiments for sapropel S1. In those
experiments, monsoon forcing alone could not explain S1 formation because the development of deep-water anoxia took several
millennia, i.e., longer than the timespan between monsoon onset
and S1 deposition. However, Grimm et al.'s (2015) simulations also

NGRIP methane and temperature records are directly in phase over
the last glacial cycle (Baumgartner et al., 2014) (Fig. 5d), the U/Thdated NALPS record can be used to independently validate the
NGRIP chronology in this interval. In detail, this reveals a clear
offset between shifts in the NALPS and NGRIP records prior to the
onset of sapropel S4 and within the S4 interruption (Fig. 5d), which
suggests that the NGRIP chronology may be ~1 ky too old at around
108 ka BP. Interestingly, our U/Th-based chronology for the LC21
residuals yields a much closer agreement to the U/Th-dated NALPs
record than to the NGRIP methane and temperature records
(Fig. 5d). Thus, the CH4 and LC21 residuals records may be more
closely in phase than Fig. 5d suggests, once the apparent age
correction is implemented to the NGRIP records.
For sapropel S1, the timing of two abrupt CH4 rises appears to be
slightly offset from decreases in the LC21 residuals (Fig. 5a). This
offset may simply reﬂect age model uncertainties (in LC21 and/or
the ice cores), yet this is arguably the most reliably dated section of
all cores. An alternative explanation is that negative peaks in LC21
residuals at 15.5e14.3 ka BP, 12.5 ka BP, and at 11.8e11.6 ka BP may
(partly) relate to meltwater release into the North Atlantic during
the last deglaciation. As explained in Section 3.2, such meltwater
pulses would bring isotopically light d18O into the Mediterranean,
and this has not been accounted for in the RSL-to-d18O conversion
which is used to calculate the LC21 residuals. A third explanation is
that northern hemisphere temperature, rather than tropical precipitation, accounts for most of the CH4 signal at this time. Both the
NGRIP temperature and CH4 records clearly show the BøllingAllerød warm interval (~13e15 ka BP), which is less apparent in the
LC21 residuals (Fig. 5a). Given these various explanations, we do
not attempt to interpret the LC21 residuals outside of the peak
monsoon run-off interval associated with sapropel S1. In that case,
there is generally good agreement between the LC21 residuals and
CH4 records from ~11 ka BP onwards (Fig. 5a). Thus, considering all
four sapropels in LC21, the CH4 records support our inference that
the LC21 residuals reliably track African monsoon run-off into the
eastern Mediterranean at times of sapropel deposition.
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Table 2
Lag between sapropel mid-points/onset and maxima in June-July insolation at 65 N (INSOLMAX), maxima in the summer inter-tropical insolation gradient (SITIGMAX), and
precession minima (PMIN). Negative values mean that sapropel mid-points/onset lead the equivalent insolation maxima/precession minima. Red text denotes phase offsets
>2 kyr.

showed that monsoon forcing nonetheless contributed to S1
deposition because the additional freshwater inputs led to strong
changes in density gradients; these in turn affected the vertical
extent and duration of S1 anoxia. We observe close timing relationships for both sea-level and monsoon changes among all
sapropels considered here, which occurred under a wide range of
insolation and ice-volume forcings. We also observe that the

relationships with sea-level change are not straightforward, and
that different interpretations arise depending on comparison with
sea-level itself, or with rates of sea-level change (see below).
5.3. Sapropel formation: sea-level versus monsoon control
Our data strongly suggest that the onset of sapropel deposition

Fig. 7. Ice-volume and insolation changes spanning sapropel intervals under full interglacial conditions (a, b) and periods of glacial inceptions (c, d). Maximum probability curves of
relative sea-level (RSL, blue) and its rates of change (dRSL, black) with their 95% probability intervals (paler envelopes; equivalent to 2s) (Grant et al., 2012, 2014) are based on the
Red Sea sea-level reconstruction method (Siddall et al., 2003, 2004; Rohling et al., 2009). The 95% conﬁdence intervals for all RSL data (blue dashed lines) are also shown. The Red
Sea RSL and dRSL data are unreliable ca 14e23 ka BP so in (a) we also show Stanford et al.'s (2011) 95% probability intervals of sea level and sea-level change rates (grey shading), as
well as meltwater pulse 1A (Deschamps et al., 2012). Insolation curves are for boreal summer at 65 N (red) and the summer inter-tropical insolation gradient (SITIG; green) (based
on Laskar, 1990), with ﬁlled circles indicating maxima. Sapropels (grey rectangles) and an inferred sharp increase in monsoon run-off into the eastern Mediterranean (yellow lines)
are also indicated.
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over the last glacial cycle was sensitive to both sea-level change and
monsoonal ﬂooding of the eastern Mediterranean. While increased
freshwater input to the Mediterranean from the northern Mediterranean Borderlands (NMB) has frequently been proposed to have
also contributed to sapropel formation (Section 3.3.2), and cannot
be entirely ruled out, the effect of this run-off on net buoyancy
forcing has not yet been adequately quantiﬁed. Given that most
precipitation over the wider eastern Mediterranean (including the
NMB) is sourced from the basin itself, that implies little or no net
effect on surface buoyancy changes (see Section 3.3.2). Hence,
monsoon- and deglaciation-related changes in basin hydrography
remain the most plausible mechanisms of surface buoyancy forcing
at the time of sapropel deposition.
Given that our data show: i) synchronous onsets of sapropel
deposition and monsoonal ﬂooding into the eastern Mediterranean, and ii) variable sea-level (ice-volume) histories immediately
prior to and at the onset of sapropel deposition among different
sapropels, despite broad similarities among these histories, the
most straightforward interpretation would be that the onset of
sapropel deposition was closely related to monsoon forcing, and
not so systematically controlled by deglaciation effects.
Nonetheless, especially for sapropel S1, a strong sea-level (and
warming) inﬂuence may still exist (e.g., Grimm et al., 2015)
because, out of the four sapropels considered here, S1 is the only
one that was deposited immediately after a substantial sea-level
rise, and sea level continued to rise throughout S1 deposition. A
link between sapropel S1 formation and deglaciation was ﬁrst
thoux and
demonstrated quantitatively by Rohling (1994) and Be
Pierre (1999), who showed that the latter would lead to
decreased surface- and intermediate-water salinities, which in turn
would inhibit deep-water ventilation. This is because rising sea
levels would have enhanced the exchange of Atlantic and
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Mediterranean waters at the Strait of Gibraltar by increasing the
cross-sectional area of the strait (e.g., Bryden and Kinder, 1991;
Rohling, 1999; Rogerson et al., 2012). The resultant decrease in
residence time of Mediterranean waters, combined with the
reduced salinity of inﬂowing Atlantic water due to melting ice
sheets, would cause progressive surface buoyancy gain in the
Mediterranean (Rohling et al., 2015). This relationship e between
sea-level change and Mediterranean salinity e is well-deﬁned and
non-linear on glacial-interglacial timeframes (Rohling and Bryden,
1994) (as opposed to the modern stochastic relationship observed
inter-annually by Pinardi et al. (2014)).
A relatively weak insolation maximum during the Holocene
provides further support for the proposed role of sea-level rise in S1
deposition, because the monsoon maximum was probably less
intense (de Noblet et al., 1996) than for other sapropels (namely S5;
Rohling et al., 2004) and therefore may not have provided sufﬁcient
buoyancy forcing (via freshwater run-off) for deep-water stagnation. This argument is somewhat supported by the LC21 residuals
through S1, in that they are roughly half the magnitude of those for
S5 (Fig. 3), which was deposited during a relatively strong insolation maximum (Fig. 7b). Notwithstanding possible temperature
effects on the LC21 residuals, our interpretation is further supported by a detailed study of stable isotopes (d18O, d13C) in multiple
foraminiferal species through sapropels S1 and S5 in the eastern
Mediterranean (Rohling et al., 2004). That study concluded that
freshwater dilution of surface waters was much reduced during S1
compared to S5. Similarly, the duration of S1 is distinctly shorter
(4.4 kyr) than that of S5 (6.8 kyr) (Table 1), which may be consistent
with weaker monsoon-forcing of S1 compared to S5.
There is little differentiation among the LC21 residuals values for
S1, S3 and S4 (Fig. 3b), or among the corresponding insolation
values (Fig. 7), implying that sapropels S3 and S4 may have been

Fig. 8. Planktonic foraminiferal stable carbon isotope records from core LC21, for the surface-dwelling G. ruber (d13Cruber; green) and sub-surface dwelling N. pachyderma (d13Cpac;
purple) and G. inﬂata (panel a only; pink ¼ normal test, blue ¼ smooth test). Red Sea relative sea-level record (RSL; blue) and the Stanford et al. (2011) sea-level record (grey
shading) as in Fig. 7. LC21 residuals (red with orange shading) as in Fig. 5). The timing of sapropels S1-S5 (grey rectangles) and of cold episodes in the North Atlantic (the Younder

Dryas, YD (Rasmussen et al., 2014), and Heinrich Stadials 1 (Alvares-Solas
et al., 2011) and 11(Marino et al., 2015) (green rectangles) are indicated. Previously published data from
LC21 are also shown in panels a and d, after conversion to the Grant et al. (2012) chronology: Total number of benthic foraminifera (Benthics/g; grey line with dots) and percent
oxygen deﬁcient species (ODS, grey shading), from Abu-Zied et al. (2008) (panel a); weight percent organic carbon (Corg; brown shading), isorenieratene concentration (black line
with dots), and percent F. profunda (pink), after Marino et al. (2007) and Grelaud et al. (2012) (panel d).
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comparable to S1 in terms of relatively weak monsoon forcing.
However, the durations of S3 and S4 exceed that of S1 (Table 1), and
opposite sea-level trends are observed for S3 to S5 relative to S1:
sea level either declined (by ~20 m during S3 and S5) or hovered
around a broad plateau (S4) (Fig. 7). Furthermore, sea-level histories are noticeably different for the 5e6 kyr preceding S3 and S4
compared to S1 (this is the timeframe that Grimm et al. (2015)
suggest to be crucial for a deglaciation inﬂuence on sapropel
deposition). Falling sea level would have reduced the crosssectional area of the Strait of Gibraltar and Strait of Sicily, leading
to reduced Atlantic-Mediterranean exchange, longer Mediterranean residence times, and increased Mediterranean surface-water
salinity in the more restricted and highly evaporative basin (e.g.,
Rohling, 1999; Rohling et al., 2014). The resultant increase in surface
density would have promoted deep-water formation rather than
stagnation. Although sea level was still rising at the very onset of
S5, similar to S1, S5 deposition began 3e4 kyr after the main, rapid
sea-level rise associated with termination II. It is hard to reconcile
such timings with timescales for deep-water stagnation based on
deglaciation effects alone (see below). For S3 and S4, sapropel onset
coincides with peak rates of sea-level rise (Fig. 7c,d), which may
imply some degree of sea-level control on the timing of sapropel
onset, in addition to monsoon forcing.
To help clarify the processes leading to sapropel deposition, we
can also consider general trends in the LC21 d13C records, together
with previously published records from LC21 (Marino et al., 2007;
Abu-Zied et al., 2008; Grelaud et al., 2012) which have now been
converted to the radiometrically-based chronology used here
(Fig. 8). We focus on sapropel onset and the prior 5e6 kyr because,
as suggested by Grimm et al. (2015) for sapropel S1, at least 5.5 or
6 kyr (based on modelling and benthic d13C data, respectively) of
progressive deep-water stagnation and oxygen consumption was
required to initiate S1 deposition and anoxia. There is no consistent
trend among the LC21 d13C proﬁles in the 5e6 kyrs preceding
sapropel onset (Fig. 8), implying that the processes necessary for
sapropel deposition (reduced ventilation, increased biological
production) developed differently for each sapropel. The most
notable disparity is between S1 and S3-S5. For S1, the d13Crub-pac
gradient is minimal for most of the pre-sapropel period, and both
d13Crub and d13Cpac start to decrease ~2e3 kyr before the S1 onset.
This decline is mirrored in d13C values for G. inﬂata (Fig. 8), a
planktonic foraminifer with a similar apparent ecological niche to
N. pachyderma. In contrast, prior to S3-S5 there is a 1e2‰ gradient
between d13Cpac and d13Crub, and a negative shift in both occurs
much closer to sapropel onset, synchronous with a negative shift in
the LC21 residuals. For S3 and S4, these shifts also coincide with
rising sea levels, so without further proxy records it is difﬁcult to
conclusively distinguish between monsoon and deglaciation effects. However, the fact that d13C trends prior to S3 and S4 are
arguably more similar to those pre-S5 than pre-S1, hints at a
common development mechanism for S3, S4, and S5.
The most extensive datasets in LC21 are for S1 and S5 (Fig. 8).
These two sapropels have already been studied extensively elsewhere (see Rohling et al., 2015, and references therein). However,
the advantage of our study is that we can now unambiguously
examine timing relationships between sea-level rise, monsoon
run-off into the eastern Mediterranean, and key proxy records, on
an independent and chronologically consistent age-scale (Fig. 8).
Regarding S1, a spike in benthic foraminiferal abundances (‘benthics/g’) coincides with the YD (Fig. 8a); abundances then decline
until the S1 onset. This decline coincides with rapidly rising sea
levels, decreasing d13C values, and a sharp increase in oxygen
deﬁcient species (ODS) within the LC21 benthic foraminiferal
assemblage (Abu-Zied et al., 2008; chronology after Grant et al.,
2012) (Fig. 8a). Importantly, the rise to peak monsoon run-off

occurs after the shift in benthic assemblages. This is compelling
evidence for a key role of deglaciation in instigating vertical stratiﬁcation and deep-water anoxia prior to S1 formation. At the same
time, the synchronous onset of S1 and peak monsoon run-off into
the eastern Mediterranean is equally strong evidence that S1
deposition was tied to monsoon forcing.
In contrast, benthic fossils in core LC21 disappeared at the onset
of (rather than prior to) sapropel S5 (Marino et al., 2007). Similar
observations for S5 have been made previously. For example,
Schmiedl et al. (2003) studied a southeast Aegean core from a
similar water depth to LC21, and observed relatively high benthic
foraminiferal abundances right up until S5 onset. They concluded
that bottom waters were sufﬁciently ventilated until the start of S5
deposition, despite an inferred stepwise reduction in oxygen content over the preceding ~3 kyr. Capotondi et al. (2006) also found a
close agreement between the onset of benthic anoxia and S5
deposition, and Jorissen (1999) noted differences in benthic foraminifera assemblages between S1 and S5. In LC21, the onset of
benthic azoic conditions during S5 coincides with abrupt increases
in organic carbon (Corg) deposition, isorenieratene concentrations,
and abundances of Florisphaera profunda coccoliths (Grelaud et al.,
2012), as well as with negative peaks in the d13C and residuals records (Fig. 8d). The Corg increase is unlikely to be due solely to
increased preservation, because the values are unusually high (up
to 14%) for Aegean sediments (cf. typically 2e3%; Mercone et al.,
2001; Thomson et al., 2004). Elevated isorenieratene concentrations are indicative of anaerobic phototrophic Chlorobiaceae, while
increased abundances of F. profunda are associated with an increase
in subsurface rather than surface primary productivity. Together,
these records point to the rapid development of a deep chlorophyll
maximum and euxinic conditions at the onset of S5 in LC21 (Marino
et al., 2007; Grelaud et al., 2012). Thus, for S5, there is a strong
timing relationship between substantial monsoon run-off into the
eastern Mediterranean, benthic anoxia, increased (subsurface)
productivity, and increased Corg deposition.
5.4. African monsoon variability
Our datasets, in line with previous studies based on less well
constrained chronologies and/or fewer sapropel events (Rohling
et al., 2002, 2004, 2006; Emeis et al., 2003; Marino et al., 2007;
De Lange et al., 2008; Hennekam et al., 2014), strongly suggest
that the timing of monsoon run-off into the eastern Mediterranean
was crucial in triggering surface buoyancy changes necessary for
sapropel deposition. Our results also show that the timing of this
monsoon run-off, relative to insolation changes, varied over the last
glacial cycle (Fig. 7). These timings were broadly similar for sapropels S1 and S5 (Fig. 7a,b) and for sapropels S3 and S4 (Fig. 7c,d).
Comparable phasings were observed among sea levelesapropel
relationships, whereby longer lags between insolation maxima and
sapropel mid-points were observed for larger sea-level changes
(Fig. 7; Table 2). These observations suggest that global ice-volume
changes exceeding a certain magnitude interfere with the
precession-pacing of the African monsoon.
An empirical link between African monsoon precipitation and
glaciation has been inferred from model simulations. Freshwater
hosing experiments for the North Atlantic suggest that the African
monsoon weakened in response to (glacial) meltwater pulses
(Chang et al., 2008; Tjallingii et al., 2008; Kageyama et al., 2013),
due to atmosphere-ocean feedbacks associated with a reduced
Atlantic meridional overturning circulation (AMOC) and a southward shift in the intertropical convergence zone (ITCZ) (Chang
et al., 2008). Transient simulations (Otto-Bliesner et al., 2014) and
a model set-up that included remnant ice sheets in addition to a
zine et al., 2011; Marzin et al.,
North Atlantic freshwater inﬂux (Le
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2013) show similar results to the previous hosing experiments.
zine et al. (2011) and Marzin et al. (2013) concluded that
Notably, Le
a freshwater ﬂux into the North Atlantic would have had a larger
impact on African monsoon precipitation than the presence of
remnant ice sheets alone. This is in line with our observations: the
magnitude of sea level rise (and therefore meltwater effects), rather
than sea level at sapropel onset, distinguish the more insolationlagged sapropels S1 and S5 (Section 5.2; Fig. 7).
A link between past African monsoon variability and global icevolume changes appears to be supported by proxy data. For
example, precession-scale variability in a West African monsoon
proxy record was interpreted in terms of large-scale changes in
global ice volume (Weldeab et al., 2007), while Heinrich Stadials
(HS) have been invoked to explain millennial-scale dry periods in
North Africa (Tjallingii et al., 2008), a delayed response of the East
African monsoon to precession/insolation forcing (Ziegler et al.,
2010a), as well as a southward shift in the Sahara-Sahel boundary
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(Collins et al., 2013). In particular, Ziegler et al. (2010a) proposed
that African monsoon intensity (and by inference, sapropel formation) varies in phase with northern hemisphere summer insolation but was suppressed during Heinrich-type cold events,
possibly associated with periods of meltwater release and sea-level
rise. This suppression led to an apparent lag of the African monsoon
behind insolation maxima. Ziegler et al. (2010a) proposed that this
lag e while variable e averaged 2e3 kyr between precession
minima and African monsoon maxima/sapropel mid-points. Our
results for the Holocene and Last Interglacial support this hypothesis: S1 and S5 (and coeval increases in monsoon run-off) are
preceded by North Atlantic cold events and meltwater pulses
(dRSL > 0) (Fig. 9a,b), and the mid-points of these sapropels lag
maximum insolation by 2e3 kyr (Fig. 7a,b). However, the relationship between these phenomena is not consistent for all sapropels/monsoon intervals. Meltwater pulses and North Atlantic
cold events C21 and C24 preceded intervals of monsoon run-off and

Fig. 9. Timing of North Atlantic cold events, meltwater events and East African monsoon maxima under full interglacial conditions (a, b) and periods of glacial inceptions (c, d).
Cooling in the North Atlantic region is indicated by the NGRIP ice-core temperature record (green; Kindler et al., 2014) (a,c,d) and by a maximum probability, alkenone-derived sea
surface temperature (SST) record from ODP Site 976 (b) (grey; Martrat et al., 2014) on a radiometric-based chronology (Marino et al., 2015). A U/Th-dated speleothem d18O record
from the northern European Alps (NALPS; Boch et al., 2011), approximating Greenland temperature variations, is also shown (c,d). Cold events include the Younger Dryas (YD)

(Rasmussen et al., 2014) and Heinrich Stadials 1 (Alvares-Solas
et al., 2011) and 11 (Marino et al., 2015) (green rectangles), as well as events C21, C23, C24 (McManus et al., 1994).
Meltwater events are inferred from rates of sea-level change (dRSL; blue) from Grant et al. (2012, 2014) (blue shading ¼ 95% probability intervals of the maximum probability dRSL;
line ¼ maximum probability dRSL), and from Stanford et al. (2011) (grey shading in a; see Fig. 7). Also shown in (a) is MWP-1a at 46 m/kyr (Deschamps et al., 2012). LC21 residuals
(red, orange) and sapropel intervals (grey rectangles) are the same as in Fig. 5.
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sapropel deposition in the eastern Mediterranean during MIS 5a
(sapropel S3) and 5c (sapropel S4), and cold event C23 interrupted
S4 deposition (Fig. 9c,d), yet here the mid-point of these sapropels
(and of the concurrent monsoon run-off intervals) is in direct phase
with an insolation maximum. Hence, cold events and meltwater
pulses do not necessarily induce a precession-lag in African
monsoon/sapropel timing.
The maximum rates of sea-level rise prior to S3 are comparable
to those for S5 (and for S1, if we consider the probabilistic dRSL
records) (Fig. 9), implying that the rate of meltwater addition to the
global ocean does not determine sapropel/monsoon lag. However,
total sea-level change prior to S1 and S5 is tens of metres greater
than for S3 and S4. If melting rates are comparable, this suggests
that it is the duration of the meltwater addition that disrupts the
precession-pacing of the African monsoon. Calculating from the
start of the meltwater addition (‘maximum probability’ dRSL > 0) to
the onset of monsoon run-off and sapropel deposition, we ﬁnd
meltwater durations of 7 kyr (for S5), 2 kyr (for S4) and 1.6 kyr (for
S3) (Fig. 7). For S1, the Stanford et al. (2011) dRSL curve suggests
that the main period of meltwater addition to the global ocean
began ca 16.5e17 ka BP (Fig. 7a). This is consistent with a more
recent estimate of 16.5 ka BP for the start of the main phase of
deglaciation, although the initial phase began earlier (~20 ka BP)
(Lambeck et al., 2014). Hence, the duration of meltwater addition
prior to S1 was likely 6e9 kyr.
Modelling experiments suggest that the sensitivity of the AMOC
and ITCZ (hence African monsoon precipitation) to meltwater
pulses is greatest under full-glacial conditions (Ganopolski and
Rahmstorf, 2001; Swingedouw et al., 2009; Zhang et al., 2015).
Our African monsoon run-off reconstructions cover both glacialinception and early interglacial periods, so it is unlikely that our
observations primarily reﬂect climate-dependent sensitivities of
the African monsoon. This gives further weight to our preferred
interpretation that the duration of meltwater input to the global
ocean was critical in determining the timing of the African
monsoon response to insolation forcing. Interestingly, the inclusion
of variable northern hemisphere ice sheets in transient model
simulations of African monsoon variability (Ziegler et al., 2010b;
Weber and Tuenter, 2011) produced zero phase lag in the precession band, in line with previous simulations based on stationary
ice-sheets (Tuenter et al., 2005; Kutzbach et al., 2008). While
Weber and Tuenter (2011) acknowledged that the crude resolution
of ice sheets and ocean circulation, and lack of atmospheric midlatitude dynamics in these transient models may undermine their
reliability, these simulations are nonetheless quasi-consistent with
our observations: we observe a tight phasing between sapropel
mid-points (hence African monsoon intervals) and insolation
maxima (¼ precession minima) in MIS 5a and 5c (Fig. 7c,d; Table 2).
The fact that this observed phasing is not systematic among successive insolation maxima, may be the reason for modeledata
offsets if only ‘average’ phasings are considered. For example, lag
correlation analyses (Caley et al., 2011) of a proxy record for African
monsoon run-off into the eastern Mediterranean (Revel et al., 2010)
revealed an average insolation-lag of 0.7 kyr for African monsoon
maxima over the past 45 kyr, but a longer lag when the Holocene
monsoon maximum was considered alone. Thus, statistical analyses may not capture the detail of monsooneice-volume phasings.
6. Conclusions
We have established independent (radiometric-based) datings
for sapropels S1, S3, S4 and S5 in eastern Mediterranean core LC21,
and show that, in detail, insolationesapropel phasings were not
systematic through the last glacial cycle. This observation potentially has implications for the application of an assumed 3-kyr lag

between insolation maxima/precession minima and sapropel midpoints, and hence for the astronomical chronology of eastern
Mediterranean sedimentary sequences. For instance, previous
sapropel mid-point ages established by a lagged orbital tuning may
be up to 3 kyr too young, in cases where the mid-points should
actually be in direct phase (zero lag) with insolation maxima.
However, it is unlikely that sapropel ages established by that
method are too old. We suggest that persistent meltwater
discharge into the North Atlantic over several kyrs, such as during
glacial terminations, modiﬁed the timing of sapropel deposition via
a delay in the timing of African monsoon run-off into the eastern
Mediterranean. We show that the onset of this monsoon run-off
and sapropel deposition was near-synchronous (within 0.5 kyr)
for all sapropels considered here, and conclude that monsoon
forcing was important in instigating the formation of these sapropels; furthermore, for sapropels S3eS5, monsoon forcing was
probably more important than sea-level rise. However, it is likely
that sea-level rise, and attendant hydrographic changes, strongly
contributed to sapropel S1 deposition. Thus, deglaciation affected
sapropel deposition directly (via changes in Mediterranean hydrography) and indirectly (via the response of the African monsoon
to meltwater pulses). The fact that sapropel S1 was probably
affected by both of the above mechanisms may explain why it exhibits the longest insolation lag compared to S3 to S5. That in turn
would suggest that the 3-kyr lag assumption for sapropel tuning
(which is based on S1) results in overestimated insolation lags for
many sapropels. In this context, our observations may reconcile
apparent modeledata offsets with respect to the orbital pacing of
the African monsoon, by demonstrating that insolationemonsoon
phasings varied with the magnitude of meltwater pulses.
Finally, we conclude that deciphering the degree to which deepwater anoxia/sapropel deposition can be attributed to either sealevel rise or African monsoon run-off remains challenging,
because both processes respond to boreal summer insolation, and
both lead to a loss of surface buoyancy in the eastern Mediterranean and an attendant reduction in deep-water ventilation. This
buoyancy sensitivity likely dates back to when the Mediterranean
basin ﬁrst became semi-enclosed from the open ocean during the
Middle Miocene, which coincides with the ﬁrst appearance of
sapropels at ~15.4 Ma (Taylforth et al., 2014). Detailed process
modelling of sapropels older than S1, and including the western
Mediterranean basin, will help to elucidate how changes in sea
level, SST, and monsoon run-off each contributed to Mediterranean
palaeohydrography and sapropel formation.
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